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Abstract

A distributed hydrological model [Wigmosta, M.S., Vail, L.W., Lettenmaier, D.P., 1994. A distributed hydrology-vegetation
model for complex terrain. Water Resource Research 30 (6), 1665-1679] is further developed to simulate the detailed spatial
and temporal variation patterns of evapotranspiration (ET) around a flux tower site. In addition to meteorological, topographical
and soil data, the model utilizes optical remote sensing data (Landsat TM at 30 m resolution) to characterize the distributions of
vegetation types and the leaf area index (LAI). The use of LAI allows process-based modeling of major hydrological processes
including transpiration, precipitation interception, and evaporation from vegetation and soil. Water flows within and between
five strata (overstore, understore, moss/litter, soil unsaturated zone, and soil saturated zone) are modeled on a daily basis. A
moving window of nine pixels is used to consider the lateral subsurface flow. The model is applied to a small watershed of
dimension of about 16 kmX 12 km in Saskatchewan, Canada. The temporal variations of simulated ET are compared with
eddy-covariance ET measurements over a black spruce stand located within the watershed. The stand was the Old Black Spruce
in the Southern Study Area during the Boreal Ecosystem-Atmosphere Study (BOREAS) in 1994. Although the black spruce site
is located in a flat area with less than 1.5 m topographical variation within 150 m of the flux tower, there was about 10.5 mm
water loss through saturated subsurface flow during the growing season of 1994, accounting for 5.7% of the rainfall in same
period. Even though the watershed studied had gentle terrain variations, the topography had considerable influence not only on
the water table but also on the soil moisture and saturated water redistribution. This suggests the importance of modeling
hydrological processes as influenced by topography in mapping ET.
© 2004 Elsevier B.V. All rights reserved.

Keywords: Evapotranspiration; Subsurface flow; Water table; Soil moisture; Remote sensing; Watershed hydrology

Abbreviations: REA, Representative Elemental Areas; HRU, Hydrological Response Unit; GRU, Grouped Response Units; ASA,
Aggregated Simulation Areas; BOREAS, Boreal Ecosystem-Atmosphere Study; OBS, Old Black Spruce; LAI, Leave Area Index; RHESSYS,
Regional Hydro-Ecological Simulation System; ET, Evapotranspiration; DEM, Digital Elevation Model; SSA, Southern Study Area; DN,
Digital Number.

* Corresponding author. Tel.: +1 416 978 7085; fax: +1 416 946 3886.

E-mail address: chenj@geog.utoronto.ca (J.M. Chen).

0022-1694/$ - see front matter © 2004 Elsevier B.V. All rights reserved.
doi:10.1016/j.jhydrol.2004.08.029


http://www.elsevier.com/locate/jhydrol

16 J.M. Chen et al. / Journal of Hydrology 305 (2005) 15-39

1. Introduction

Water is not only an important natural resource but
is also critical in determining forest distribution and
productivity. It should, therefore, be an integral part of
terrestrial carbon cycle models (Baldocchi, 1997;
Williams et al., 1997; Van Wijk et al., 2001). In
order to improve our previous ecosystem model (Liu
etal.,2002), in which the soil water budget is estimated
based on a bucket model, we adopted and improved a
distributed hydrological model (Wigmostaetal., 1994)
to consider the influence of the lateral water flow on the
spatial distribution of forest productivity. The focus of
the present study is on the methodology of using
remotely sensed data for hydrological modeling, a
critical step in achieving our goal of investigating
coupled water and carbon cycles in terrestrial ecosys-
tems under the influence of topography. Soil water
affects evapotranspiration and canopy photosynthesis,
and hence net primary productivity (NPP) (Running
and Hunt, 1993), and also influences the decompo-
sition of soil organic matter (Parton et al., 1993).
Current values of NPP and decomposition, in turn, are
critical inputs to models for assessing the long-term
carbon dynamics in forest ecosystems (Chen et al.,
2000). However, hitherto, most (if not all) carbon cycle
models applied at regional and global scales have not
included three-dimensional hydrological processes,
and soil moisture has been estimated using bucket
models, without considering lateral exchanges of water
among neighboring spatial units identified by remote
sensing pixels. Our goal is to model coupled water and
carbon cycles in terrestrial ecosystems so as to improve
the understanding of the interactions between ecosys-
tems and the climate.

In modeling hydrological cycles, we often encoun-
ter the problem of the large spatial and frequent
temporal variations in hydrological processes. Com-
pared with lumped models (Nash and Gleick, 1991;
Mimikou et al., 1991; Mohseni and Stefan, 1998),
distributed hydrological models can account for
spatial heterogeneities and provide detailed descrip-
tions of the hydrological processes in a watershed to
satisfy various needs in spatial modeling (Abbott and
Refsgaard, 1996). Distributed models are far less
prone to calibration and extrapolation problems than
lumped models (Zhang et al., 2000), but the main
problems in their application are often the high

demands on input spatial datasets and computation
resources.

Many distributed hydrological models are devel-
oped for practical purposes of simulating and
predicting runoff and hydrographs. In order to capture
the major spatial variability while making models
computationally efficient and overcoming problems
with insufficient data, various numerical schemes
have been used in several models. Wood et al. (1988)
proposed the use of ‘Representative Elemental Areas’
(REA) for distributed hydrological modeling. Donald
(1992); Kite and Kouwen (1992) used the
‘Hydrological Response Unit’ (HRU) based on land
cover, slope and aspect for estimating the response of
hydrographs to precipitation. Kouwen et al. (1993)
further improved the computational efficiency by
using ‘Grouped Response Units’ (GRU) in a regular
grid system for estimating runoff to a stream and river
network. For convenience and efficiency in modeling,
Kite (1995) separated a watershed into ‘Aggregated
Simulation Areas’ (ASA), which can be delineated as
irregular shapes according to the hydrological charac-
teristics within a watershed. All these numerical
schemes were developed with the main purpose of
computational efficiency. For simulating hydro-
graphs, it is most important to capture the first order
spatial variability. The gains in modeling accuracy
diminish quickly as more spatial details are added,
because uncertainties introduced by errors in spatial
datasets and in model parameterization may exceed
the gains in capturing the detailed spatial variability.

However, hydrological research is not confined to
the needs of runoff simulation and prediction. It has, in
fact, evolved to embrace broad science objectives,
such as land-atmosphere interaction, and energy and
mass transport within terrestrial systems (Engman,
1996). In our efforts to understand the impact of
climate change on terrestrial ecosystems and on the
global carbon cycle, it has been increasingly recog-
nized that water and carbon cycles need to be modeled
simultaneously (Field et al., 1998; Williams et al.,
2001). The model developed through our present study
serves the needs of (i) simulating water, energy and
carbon fluxes measured at micrometeorological towers
on non-flat terrains for model validation purpose, and
(i1) simulating the spatial variations of water and
carbon fluxes with topography for the purpose of
scaling from tower to region. To meet these needs, it is
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highly desirable to simulate water flow and balance in
fine grids compatible with the surface variability. We,
therefore, need to develop a hydrological model to
capture the spatial variability in sufficient detail. This
development is in the opposite direction to the spatial
aggregation schemes mentioned above.

Remote sensing techniques, which inherently have
the ability to provide spatial and temporal information
of the land surface, may be the only viable way to obtain
the data needed for distributed process models
(Engman, 1996; Ritchie and Rango, 1996). The
application of remote sensing techniques in hydrologi-
cal studies and water resources management has
progressed in the past decades (see review by Kite and
Pietroniro, 1996). In general, remote sensing data are
used in the following ways (Ritchie and Rango, 1996;
Kite and Pietroniro, 1996; Schultz, 1996): (i) original
remote sensing imagery is directly used to identify
hydrologically significant areal phenomena, such as
flooded areas (Barber et al., 1997; Brivio et al., 2002;
Islam and Sado, 2002), snow cover (Baumgartner and
Apfl, 1994; Tait et al., 2000) or plumes (Ouillon et al.,
1997); (ii) processed remote sensing data are used to
provide fields of hydrological parameters, such as
precipitation (Kite and Pietroniro, 1996; Wang et al.,
2001), and soil moisture (Jackson, 1993; Hollenbeck
et al., 1996; Kim and Barros, 2002). This requires the
understanding and development of relationships
between electromagnetic signals and hydrological
parameters of interest; and (iii) multispectral remote
sensing data are used to quantify surface parameters,
such as vegetation (land cover) types and density.
Although the usefulness of remote sensing data is
widely recognized, there remain few cases where
remote sensing data have been actually used in hydro-
logical simulations. Difficulties still exist in choosing
the most suitable spectral data for studying hydrological
processes as well as in interpreting such data to extract
useful information (Abbott and Refsgaard, 1996; Kite
and Pietroniro, 1996; Engman, 1996).

Among remotely sensed, hydrologically signifi-
cant, variables that are under-utilized, are vegetation
parameters derived from optical remote sensing. In
particular, vegetation structural parameters, such as
leaf area index (LAI), can play an important role in
precipitation interception and evapotranspiration,
and thus the water balance of a watershed. The
Regional Hydro-Ecological Simulation System

(RHESSys) (Band et al., 1993) made effective use
of LAI and land cover derived from high-resolution,
remote sensing images. These remotely derived
variables were draped on watershed topography to
find hydrologically significant vegetation patches on
hill slopes. These patches then became the basic unit
on which energy and water components have been
simulated, while the spatial variation on the hill slopes
within the same patches has not been considered.
Such hillslope patch-based modeling may be adequate
for simulating runoff and is an improvement over the
methods of REA, HRU, GRU, and ASA in terms of
capturing the major spatial variability between the hill
slopes. However, in many cases the variations within
a patch on a sloping surface may be still considerable.
Vegetation on a hill slope generally varies along the
elevation gradient. In boreal ecosystems, for example,
vegetation generally grows better near the top of the
slope than near the bottom of the slope because water
accumulation near the bottom generally causes water
logging and impedes plant growth. In such a case, we
need to separate upland from lowland vegetation,
even on the same slope. High-resolution remote
sensing provides the necessary data to quantify such
important small-scale variations. It is highly desirable,
therefore, to simulate the hydrological processes
based on remote sensing pixels. The objectives of
this study are: (i) to develop a distributed model with a
capability of simulating the lateral water movement
among neighboring pixels under the influence of
topography; (ii) to model the various hydrological
components including precipitation interception,
throughfall, evapotranspiration (ET), water table,
soil moisture, etc. based on optical remote sensing
inputs; (iii) to apply the model to a forested watershed
for the purpose of validating the ET calculation and
mapping ET spatial distribution and seasonal vari-
ation patterns; and (iv) to estimate the effect of lateral
subsurface flow on the water budget of a tower site
located in the watershed.

2. Model description

In the present study, the physically based, distributed
hydrology-vegetation model of Wigmosta et al. (1994)
is adopted with several modifications. The complete
model with modifications is presented in Appendix A.
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The original Wigmosta’s model provides an effective
system to consider the flow of water in the soil-plant-
atmosphere continuum, and is similar to many other
models (Beven and Kirkby, 1979; Band et al., 1993;
Paniconi and Wood, 1993). In addition, the model also
includes a modeling framework in which the water flow
is simulated among neighboring spatial units in a regular
grid on varying topography. This framework is
particularly suitable for applications to remote sensing
data as pixels in remote sensing images can be treated as
the spatial units.

2.1. Model structure and assumptions
The horizontal boundary of the simulated area

is a watershed delineated from a digital elevation
model (DEM) where divides between neighboring
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watersheds are identified. Vertically, the simulation
extends from the saturated zone in the soil to the top of
vegetation canopy. Within a watershed, the forest
ecosystem is divided into basic spatial units, or pixels
in remote sensing. Each pixel is treated as a unique
vegetation—soil system, except for the ground and
runoff water exchanges. Basic model simulations of
the physical and biological processes are made at the
pixel scale. According to the need of simulating
hydrological processes, a pixel is vertically divided
into five strata, i.e. overstorey, understorey, litter or
moss layer, soil unsaturated zone, and soil saturated
zone (Fig. 1). Precipitation, solar radiation, topo-
graphic parameters, land cover, leaf area index (LAI),
and soil properties are the major inputs to the model.
All input parameters are spatially resampled to a
common resolution, which is 30 mX30 m in this
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Fig. 1. Major hydrological components considered in the modeling system consisting of five strata: overstorey, understorey, litter/moss,
unsaturated zone and saturated zone. Each remote sensing pixel is considered as a unique model system.
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study to be compatible with Landsat TM images. The
use of remotely derived parameters, such as LAI and
land cover, allows for process-based modeling of
evapotranspiration (ET) using the Penman—Monteith
equation (Monteith, 1965) as well as other hydro-
logical and energy components such as precipitation
interception and its evaporation. The major outputs
are ET, soil moisture, and water table. The framework
of the model, separated into input, main model and
output domains, is illustrated in Fig. 2. Horizontally, a
moving window of 3 X3 pixels is used to estimate the
lateral, saturated, base flow according to topography
and water table (Fig. 3), based on a set of equations
(Egs. (A27) and (A28)) described in the Appendix
A.6. At each daily time step, this window is moved
across the modeling domain to update the water table
of each pixel as a result of the net lateral base flow in
all eight cardinal directions. As the hydraulic
conductivity in saturated soils is generally less than
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Fig. 2. Inputs and outputs of the model, and major processes
affecting evapotranspiration (ET). Soil moisture changes are
determined by estimating the soil water balance at daily time
step. Both soil moisture and the water table affect ET because the
water table can seasonally rise to within the root zone. ET in turn
affects both soil moisture and water table. The spatial variation of
water table causes the saturated base flow.
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Fig. 3. Relationship of a central pixel (X;;) with its eight
neighboring pixels for saturated subsurface flow routing (described
by Eqgs. (A27) and (A28)).

Imd™! (Ward and Robinson, 2000), the daily time
step is adequate for estimating the lateral water flow
for 30 mX 30 m pixels.

Several major assumptions are made in the model:
(i) all physical and biological properties are homo-
geneous within the basic modeling unit, i.e. the pixel;
(ii) soil texture is vertically invariant (although
structure changes with depth); (iii) as the model is
generally run at daily time steps, a sinusoidal diurnal
variation pattern of the incident solar radiation is
assumed in deriving daily radiation components
(Egs. (AS3) and (A54)); and (iv) at the daily time
step, surface runoff does not occur until the whole soil
profile is saturated.

2.2. Modifications to Wigmosta’s model

The general goal of the modifications we made to
the model is to maximize the use of remote sensing
data in both soil water and runoff modeling and to
illustrate the variability in hydrological parameters at
high spatial resolutions. The major modifications
include: (i) a moss ground cover is introduced and its
effect on ET is considered (Appendix A.2); and (ii) the
effects of water logging on stomatal conductance and
ET are considered (Appendix A.5). This modification
is particularly relevant to the boreal environment
where large portions of the landscape are waterlogged
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or seasonally flooded; (iii) using a root vertical density
distribution function, roots are distributed in both
unsaturated and saturated soil zones depending on
variation in the seasonal water table variation
(Appendix A.6); and (iv) a comprehensive set of
equations is developed to simulate direct, diffuse and
net radiation in the overstorey, understorey and moss/
soil surface (Appendix A.8). As the goal of our
hydrological modeling is to quantify coupled water
and carbon cycles, these modifications are essential to
capture realistic spatial and temporal variation
patterns of properties affecting these cycles in the
boreal landscape.

The focus of the present study using the modified
model is on simulating water storage in the soil and its
effects on evapotranspiration. Water storage and
movement in the soil are essential to the under-
standing of a wide range of hydrological processes,
including the dynamics of infiltration and percolation,
runoff generation, recharge to underlying ground-
water, and water supply to plants. Water storage not
only has hydrological significance but is also
important in carbon cycle modeling as it also affects
microbial activities responsible for decomposition of
organic matter in the soil.

3. Site description and data preparation

The distributed model is applied to part of the
Southern Study Area (SSA) of the Boreal Ecosystem-
Atmosphere Study (BOREAS). The hydrological
modeling domain encompasses the old black spruce
(SSA-OBS) stand, about 30 km northeast of Candle
Lake, Saskatchewan (53.987°N, 105.118°W), Canada.
The climate is cold-temperate with the monthly
temperature of 16.7°C in July and —16.9°C in
January. The annual precipitation is approximately
400 mm. The soil originates predominantly from
Glacial Lake Agassiz sediments and consists of
sand, clay and organic matter. The topography has
low relief and poor drainage (Nakane et al., 1997).
The site for the present study comprises 532405
pixels at 30 m resolution. The watershed studied here
is in a typical Canadian shield landscape with gentle
and moderate topographical variations on top of a
shallow bedrock (Branfireun and Roulet, 1998). In
the landscape, slopes with shallow overburden may be

decoupled from receiving streams in dry seasons
(Devito et al., 1996). This particular watershed drains
to a small lake through saturated subsurface flows and
ephemeral streams. We, therefore, emphasize the
abilities of the model to capture spatial variation
patterns of various parameters rather than runoff
simulations, although Wigmosta’s model was suc-
cessfully used for simulating stream flows (Storck
et al., 1998).

The forests within the modeling domain are typical
of southern boreal forests, consisting primarily of
black spruce (Picea mariana (Mill.) BSP) with small
patches of jack pine (<2% in tree count) (Pinus
banksiana Lamb.), and other tree species (<3%)
including tamarack (Larix laricina (Du Roi) K. Koch)
and willow (Salix spp.) (Gower et al., 1997). The basal
area of the stands at the OBS site is 30 m*ha™'
(Jarvis et al., 1997) and the average leaf area index
(LAI) is 4.5 (Chen et al., 1997). The understorey is
composed of grasses of variable densities and sparse
shrubs above an extensive moss ground cover. The
growing season is normally limited to the summer
months between May and September when the daily
temperature is above 5°C. As the effect of lateral
water flows on ET is the main focus of this study, we
intensively investigated ET and associated hydrolo-
gical parameters during the growing season in 1994.

Various spatial datasets were pre-processed as
inputs to the model. They include: (i) slope and aspect
derived from a digital elevation model (DEM) dataset
(16-bit unsigned integer raster file) for each pixel of
the watershed with a spatial resolution of 30 m X30 m
using ARC/INFO; (ii) meteorological data including
precipitation, maximum, minimum and mean air
temperatures, humidity, and radiation. These vari-
ables were measured at the OBS tower site (Jarvis
et al., 1997) and treated in the same way for all pixels
within this small watershed; and (iii) land cover and
LAI maps derived from Landsat imagery which was
geometrically and radiometrically pre-corrected. In
the image processing, the digital numbers (DN) of the
visible and infrared bands were converted into
radiance and reflectance after an atmospheric correc-
tion procedure. Land cover classification was based
on Cihlar et al. (1999), and LAI was calculated using
the algorithms of Chen and Cihlar (1996); and (iv) soil
attributes, including texture and water holding
capacity, were obtained from a soil map at a scale
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of 1:1,000,000 (De Jong et al., 1984; Acton et al.,
1991). The map with soil polygons is rasterized to a
30 mX30 m grid system in ARC/INFO. Water flux
data (Jarvis et al., 1997) measured on the SSA-OBS
tower and soil moisture data (Peck et al., 1997)
measured near the tower are used for model
validation.

The water table and soil moisture fields before the
growing season were initialized using the TOPMO-
DEL principle (Kirkby, 1975; Beven and Kirkby,
1979). The wetness index (W;;) for a pixel at (i,))
(Beven and Kirkby, 1979) was first calculated as:

W, =1 Aij (1
i =\ tan 6, +0.05

where A; ; is the contributing area calculated from the
DEM using the ARCGIS FLOWACCUMULATION
command, and (;; is the slope. The initial water table
() was then linearly related to the wetness index:

Zij =% T m(Wi; —W) @

where 7, is the mean water table taken as 0.35 m
determined through a spin-up calculation for 1 year;
and W is the mean wetness index determined to be 4

(a) DEM of watershed

N

]

High : 647

Low : 548

from the Wimage, and m was set at 0.7 m (Beaujouan
et al.,, 2002). The soil moisture content in the
unsaturated zone was set at 70% of the field capacity
at the beginning of the growing season for all pixels.

4. Results and discussion

4.1. Spatial distribution of hydrological parameters

Spatially distributed hydrological parameters were
first generated by the model based on topography.
Fig. 4 shows the spatial distributions of DEM and
wetness index. The initial values of water table and
the mean soil moisture content (SMC) in the
unsaturated zone at the beginning of the growing
season have spatial distribution patterns similar to that
of the wetness index. As the model is run at daily time
steps, the water table and SMC were updated daily for
any given pixel (30 mX30m) in the modeling
domain. In many areas, the water table was near the
surface all year round (wetland), and ET draws water
from the saturated zone. Other areas are seasonally
wet with fluctuating water tables. The modifications to

(b) Wetness Index

High : 17.95

Low : 0.000

Fig. 4. The digital elevation model (DEM) of a small watershed draining toward a small lake near the bottom-right corner, and the wetness index
calculated from the DEM using Eq. (1). This forest watershed is located on the boreal shield in Saskatchewan, Canada.
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the original Wigmosta’s model in terms of rooting Spatial distributions of LAI, land cover, and soil
depth and stomatal control under water logging type are shown in Fig. 5, with these variables draped
conditions are therefore essential for application to on a 3-dimensional topographical display. Also shown
the boreal environment. in Fig. 5(a) are the SSA-OBS site with tower flux data
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Fig. 5. LAI, land cover and soil type maps in the model domain draped on a 3-dimensional topographical visualization. The circle on the LAI
map indicates the BOREAS SSA-OBS site (500 m radius) and points A and B are the low and high areas studied in Fig. 7.
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in 1994 and selected locations A and B within the
model domain for checking the model performance.
There are marked resemblances among the spatial
patterns of LAI, land cover and the soil texture,
reflecting the fact that the soil texture map was
originally obtained with the aid of photogrammetry.

4.2. Validation of modeled ET and soil moisture
with measurements

The simulated and the measured daily evapotran-
spiration (ET) from an area (600 X 600 m?) around the
SSA-OBS tower site, for the days of 150-250 in 1994,
are shown in Fig. 6. This area is considered to be
adequate to represent the footprint area of the flux
measurements (Schmid, 2002). The temporal patterns
of the simulated and the measured daily evapotran-
spiration are similar, with no significant difference
between them (F=0.423<F,, a=0.01). The
simulated mean daily ET at the study site over the
100-day-period is 2.1 mm/day, comparable to the ET
measurements taken at the site (Jarvis et al., 1997,
Pattey et al., 1997). Using eddy covariance measure-
ments taken at a height of 27 m above the ground,
Jarvis et al. (1997) reported average daily ET of
2.07 mm/day for DOY 150 to DOY 250 in 1994.
Pattey et al. (1997) presented eddy covariance data
measured at a height of 20 m above ground for three
intensive field campaigns during 1994. Their values of

mean daily ET were 2.26, 3.32, and 1.44 mm/day for
the periods of May 24—June 4, July 19-July 29, and
September 8-17, respectively. Our modeled values
were 2.31, 2.71 and 1.5 mm/day for the periods of
June 1-10, July 19-29, and September 1-10,
respectively.

ET is a critical factor determining the water
balance in forest ecosystems, and is the major
component of the water balance in Canadian forests.
The Penman—Monteith equation is widely employed
to estimate vegetation ET, and has been shown to be
accurate and reliable (Roberts et al., 1993; Running
and Coughlan, 1988; Landsberg and Waring, 1997;
Mielke et al., 1999; Soares and Almeida, 2001). Our
current results add further support to using the
equation for ET estimation.

There were also a few soil moisture measurements
during the growing season within the footprint area of
the tower (Peck et al., 1997). Modeled daily soil
moisture values near the tower (as an average of
20X 20 pixels around the tower) are compared with
these measurements (Fig. 7). The model agrees with
the mid-summer measurements, but seems to under-
estimate soil moisture at the end of the growing
season, although the data points are too few for a
complete evaluation of model performance.

Lateral water flow at this site has a small but
significant effect on the water balance and ET. For this
purpose, we selected two concentric square areas:

4 -
—— Measured ET
---u---Modelled ET
3 "
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Fig. 6. Temporal variations of modeled evapotranspiration (ET) in comparison with eddy covariance ET measurements made on a tower in the
BOREAS SSA-OBS site shown in Fig. 5 (Jarvis et al., 1997). The modeled values are averages of a 600 m X 600 m area centered on the tower.
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Fig. 7. Comparison of modeled volumetric soil moisture in the unsaturated zone (average of a 600 m X 600 m area around the SSA-OBS flux

tower) with three measurements near the tower.

Area 1 within about 150 m of the tower (10X 10
pixels at 30 m resolution), and Area 2 within about
300 m of the tower (20X20 pixels). The site is
relatively flat with only 1.23 and 3.35 m differences in
DEM in Areas 1 and 2, respectively. However, these
tower footprint areas receive ground water flows from
adjacent higher ground and discharge to lower areas.
The result of this lateral ground water exchange is a
net loss of water of about 10.5 and 2.5 mm in the
period of DOY from 150 to 250 for Areas 1 and 2,
respectively. These lateral water losses are about 5.7
and 1.4% of the rainfall of 184 mm in the same period,
respectively. This difference in the average water loss
in these two areas reflects the fact that the tower is
located in a relatively dry area. As distance increases
from the tower, the area becomes progressively
wetter. The mean wetness index is 7.6 and 8.3 in
Areas 1 and 2, respectively. These modeling results
indicate that although the tower flux site is located in a
flat area in the boreal landscape (almost as flat as one
can find), there is still significant ground water
exchange, and bucket models that do not consider
lateral ground water flow can cause errors in the water
balance of up to 6% of the total rainfall.

4.3. Spatial distribution of evapotranspiration

To evaluate reliability of the distributed process
model, a test on the model was done on the key
parameters: soil moisture, ET and water table. In the
model, the water table is defined as the depth from

the surface at which the soil is saturated. Because of
topographical variations, the water table should vary
with local elevation in a predictable manner if the
model performs correctly. We hypothesize that the
water table should be the same at points with the same
elevation in a flat area and that in the higher land areas
lower elevation sites should have higher water tables
(closer to the surface).

To test this hypotheses, Areas A and B (locations
defined in Table 1 as averages of three pixels in a line,
also shown in Fig. 5a) located in low and high areas,
respectively, were chosen for evaluating the model
performance. Soil moisture changed greatly during
the growing season in these locations (Fig. 8a and b).
The temporal dynamics of soil moisture matched the
rainfall events very well: the larger the amount of
rainfall, the larger the increase in soil moisture. The
response of soil moisture to rainfall was stronger in
the low area where the inflow of ground water was
larger than the outflow and the unsaturated zone was
shallower than that in the higher area. In both low

Table 1
Relative locations, elevations (m) and LAI values of areas A and B
chosen to represent low and high areas, respectively

Point Location (line, pixel)  Elevation (M) LAI
A 174, 155-157 589.6 3.8
175, 155-157 589.5 3.5
B 102, 153-155 631.7 4.6
103, 153-155 628.7 4.8

Areas A and B are also shown in Fig. 5a.
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Fig. 8. Temporal variations of soil moisture, ET, and water table in Areas A and B representing low and high areas, respectively. The location,

elevation and LAI of these areas are given in Table 1.

(Fig. 8a) and high areas (Fig. 8b), the differences in
soil moisture were very small among neighboring
pixels (line 174 and line 175, line 102 and line 103).
The variations in ET between neighboring pixels were

also very small (Fig. 8c and d). However, ET in the
high area was considerably larger than that in the low
area. The simulated water tables in low and high areas
were shown in Fig. 8e and f. In both cases, there were
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small differences in water table between neighboring
pixels. In the low area, with a shallow unsaturated
zone, the water table had a pronounced response to
large rainfall events, while in the higher area, the
response was weak. As the growing season progressed
from mid summer, both low and high areas became
drier with decreasing soil moisture. The depth of the
water table in the low area (Fig. 8e) decreased
substantially with time, while it decreased slightly in
the higher area as the result of slow water loss through
lateral subsurface flow (Fig. 8f). The two adjacent
lines of pixels separated by 30 m (line 102 and line
103) in the higher area developed a progressively
larger difference in the water table during the growing
season, indicating the sensitivity of water table depth
to topography. The results indicate that the model is
capable of simulating the lateral movement of water
among pixels along the elevation gradient. Such a
capability is critical in effective use of remote sensing
for hydrological studies. From Fig. 8, it is noted that
the influence of ET on the behavior of the water table
was most significant in the areas with a shallow
unsaturated soil layer (in lowlands). In areas with
deeper water tables from the surface, ET had much
smaller effects on the water table. Similarly, the
impact of rainfall on soil moisture was strong in low
areas with shallow unsaturated layers and weak in
high areas with deep unsaturated layers. These results
suggest that the size of the unsaturated zone is not
only determined by the initial water table under the
influence of topography, but also by ET under the
control of surface and meteorological conditions.
The spatial distributions of the simulated ET for
June, July and August are shown in Fig. 9. There are
marked spatial variations in ET, corresponding to
cover types and LAI distribution patterns as well as
soil texture. Spatial variations in ET were weakest in
June when soil moisture was high throughout the
modeling domain and the available energy was also
high. In July, the variations were strongest when the
soil moisture increased or decreased non-uniformly
because of ET and lateral water redistribution, and
the available energy remained relatively high. In low
areas, lateral water flows caused decreases in water
table depth and ET, while frequent rainfall events
sustained high soil moisture for ET in high
areas. In August the variations were mostly con-
trolled by soil moisture when both rainfall amount

and available energy decreased considerably from
June. These spatial-temporal dynamics have impli-
cations for obtaining spatially averaged values of ET
or for interpreting tower ET measurements with large
footprint areas. The ET spatial pattern is not only
related to vegetation pattern but is also influenced by
topography. As the water table temporal dynamics
are also controlled by topography in a given rainfall
event, mapping ET without considering the influence
of topography is likely to lead to errors of different
sizes at different times of the growing season.
Similarly to the water table, soil moisture also
shows distinct dynamics at different positions in the
watershed, suggesting that carbon cycle modeling
involving the effects of aerobic conditions on
microbial activities would benefit from such topo-
graphy-dependent soil moisture modeling.

5. Conclusions

A distributed hydrological model is further
developed to simulate hydrological processes at
high spatial resolutions and is applied to a small
forested watershed located on a boreal precambrian
shield. The modeling unit is a remote sensing pixel,
rather than a hillslope or patch, so as to maximize the
use of spatial information obtained from remote
sensing to characterize both above-ground and
below-ground variations along topographical gradi-
ents. After validating the model with available
evapotranspiration (ET) and soil moisture data
collected within the watershed, the following con-
clusions can be drawn:

(1) Spatially, there were large variations in ET
across the watershed at any given time. Forest
stands located in high areas generally have the
highest ET, while seasonally flooded lower areas
generally have the lowest ET. Relatively dry low
areas have intermediate ET values. These spatial
variation patterns closely follow vegetation cover
types as well as leaf area index, both of which
are highly correlated with the underlying soil
type.

(2) Temporally, soil moisture in the unsaturated
zone varies greatly with rainfall events, with the
variation in low areas much larger than that in
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high areas. Soil moisture in the unsaturated zone
in low areas responded strongly to rainfall
events because of the shallow water table and
additional net inputs from lateral saturated
subsurface flows. Short drought episodes also
occurred between rainfall events, even causing
short-term water stress in the relatively dry low
areas.

(3) The lateral subsurface water flow resulted in a
loss of about 5.7% rainfall during the growing
season in a 300 m X300 m area surrounding the
BOREAS OBS tower, even though the tower is
located in a relatively flat area with only 1.23 m
variation in elevation within the area. This
suggests that ground water hydrology cannot be
ignored around flux towers on variable terrain.

These conclusions suggest that it is indeed
necessary to couple a carbon cycle model with a
pixel-based hydrological model in order to study the
spatial variability of carbon absorption and release as
influenced by micro topography.
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Appendix A. Modified Wigmosta’s distributed
hydrological model

We have adopted the principles of Wigmosta’s
model for vertical and horizontal water flow

estimation and most of the equations based on the
published paper (Wigmosta et al., 1994). However,
we have also modified the original model in various
ways. It is therefore necessary to give a complete
description here as used in our study. The symbol *’
by an equation number indicates a modified equation
from the original model, while ‘**’ indicates a new
equation.

A.l. Water budget within a pixel

The five-layer modeling domain is shown in Fig. 1.
When precipitation (P) falls on the forest overstorey
canopy, some is intercepted by the canopy (P,), which
is lost through subsequent evaporation. The difference
(P—P,) reaches the understorey, and part of it is
intercepted by this layer (P,). The net precipitation
(P,=P— P,— P,) wetting the soil surface infiltrates
into the unsaturated soil zone. Surface runoff (Ry)
occurs if P, exceeds the soil maximum moisture
capacity. Percolation begins during a rainfall event
once the soil moisture content in the unsaturated zone
is above field capacity.

The capillary fringe is treated as part of the
saturated zone. The saturated zone is assumed to have
an unlimited depth. The surface of the saturated zone
can be measured by the local gravity drainage storage
deficit (Beven and Kirkby, 1979), and the deficit is set
to zero when the soil profile is fully saturated up to
the surface. A negative value indicates water surplus,
and the surplus would become part of surface runoff
depending on topography. The subsurface flow was
calculated non-linearly.

Based on the mass conservation principle, water
balance of a vegetation/soil system in a pixel can be
expressed using the following basic equation:

AW, + AW, + AW pear T AWy

:P_Eo_Eu_To_Tu_Rs_Es_Wdr

(AD)*

where AW, AW, AW ,sa, and AW, are the changes
in water storage in the overstorey, understorey, soil
unsaturated zone and soil saturated zone, respectively.
P is precipitation; E, is overstorey evaporation of
intercepted rainfall; E, is understorey evaporation of
intercepted rainfall; 7, is actual transpiration from
the overstorey; 7, is actual transpiration from
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the understorey; R; is surface runoff; Ej is actual soil
evaporation; and Wy, is deep drainage. For simplicity,
we treat the moss layer as a slab of living organisms
that extract water directly from the unsaturated soil
underneath through capillary transfer, and hence the
moss and the unsaturated zone together is treated as a
single layer from the water budget point of view.
Methods to compute these variables are described in
the following sections.

A.2. Water balances of overstorey and understorey
in a pixel

Precipitation is intercepted by the overstorey and
understorey layers. If the maximum interception
capacities of these layers are reached, any excess
precipitation is assumed to fall to the ground surface.
The actual intercepted rainfall depends upon on the
water storage at the beginning of each time step. The
storage changes are estimated as follows:

AS; = min(Py — Sy, P;) — Ey (A2)

where AS,; is storage change of layer i representing
the overstorey or understorey, S;; is storage at the
beginning of each time step, and E,; is the actual
evaporation of layer i. The maximum interception
storage capacities (P; in m) of these layers are
determined as a function of leaf area index of the layer
(L;) and the proportion of the gaps in the layer (G;)
(Dickinson et al., 1991):

P; = 107*L,(1 — G)) (A3)

For these vegetation layers, evaporation and
transpiration are calculated separately. Water
detained in the canopy (wet vegetation surface) is
assumed to be evaporated at a potential rate.
Transpiration occurs from both dry and wet leaf
surfaces. Both evaporation and transpiration rates can
be estimated using the Penman—Monteith equation
(Monteith, 1965):

AR, + pc, &=~
! P 5 (A4)

AV(A +7(1 +—))

where E; is the amount of water transpired from a
layer over the time period T, R, is the net radiation of
layer i, which is calculated with the absorbed short-
wave and longwave energy (Egs. (A45)-(A60)), p is

E; =

density of moist air, ¢, is the specific heat of air at a
constant pressure, eg is the saturated water vapor
pressure, e is the actual air water vapor pressure, ry; is
the aerodynamic resistance to vapor transport for
layer i, A, is the latent heat of vaporization of water, A
is the slope of the saturated vapor pressure—tempera-
ture curve, v is the psychrometric constant, and r; is
the canopy resistance to vapor transport.

For the transpiration component, r; is estimated as
follows

1

e 8siLi (A5
where L; is the leaf area index of the overstorey or
understorey. The stomatal conductance g for a
vegetation layer is calculated using Egs. (A30)-
(A35) in Appendix A.5. As the wind speed is not
used, we set the aerodynamic resistance r,; to be
50sm~! for the overstorey, 150sm™~! for the
understorey, and 30.0 s m ™' for moss.

When water evaporates from wet surfaces, r.; is set
to zero for the vegetation layers, and therefore the
evaporation (E,,;) of the wet vegetation surface is
estimated from:

AR,; + pc, ===
E,,=——— """ 5 A6
wi WA+ (A6)

Evaporation of the intercepted water in a layer is
taken as the minimum of the potential rate and the
intercepted rainfall:

Eai = min(Ewi? Sti) (A7)

Given Egs. (A4)—(A7), the total actual evapotran-
spiration from a canopy (E.,) is:

ET; =E,; +E; (AB)*

It is assumed that transpiration can occur on wet
leaf surfaces, i.e. the transpiration and evaporation can
occur in parallel. This is a simplification of the
original model.

Evaporation from wet moss is estimated using the
same procedure with relevant values for the different
variables as the moss/litter layer in the original model,
but the moss surface resistance (r.; in sm~ ) to the
vapor flux is related to the storage of the moss surface
(M) using the following relationships (Williams and
Flanagan, 1998)
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o = o.5< Loy 1 ) (A9)*s
8c,Sphag  8c,Pleur

Sesphag = —0.195 +0.134M,, — 0.0256M,,
+ 0.00228M: — 0.0000984M}
+ 0.00000168M>, (A10)%**

Sepienr = —0.0194 + 0.021M,, — 0.00446M,

+0.000455M3 — 0.0000248M

+ 0.000000592M° (A11)**

where g sphag and gc pieur are the surface conductances
(m s~ ") of Sphagnum and Pleurozium moss layers,
respectively. Taking the suggested values of M, =17
for Sphagnum and M,,=12 for Pleurozium, r. is
estimated from Eqs. (A9)—(Al1) assuming these two
moss types have equal spatial coverages.

Evaporation from moss and soil (E) as a total layer
is calculated with climate-controlled or soil-con-
trolled conditions (Eagleson, 1978):

E, = min(E

ps Fs) (AL2)*

where E, is the potential evaporation of soil/moss
surface and is estimated using Eq. (A4) with r
calculated from Egs. (A9)—(A11). In the absence of
moss, it can be replaced by a soil resistance r;
(Choudhury and Monteith, 1988). In general, it can be
weighted by the percent moss cover. In this study, we
assume 100% moss cover. Although moss has quasi-
stomatal control on evaporation, it consumes water
only through capillary rise in rain-free periods. It is
therefore also controlled by the soil as expressed in
Eq. (A13). F; is called the soil-controlled exfiltration
volume or depth and is calculated as

F, = Su" (A13)

where S. is soil desorptivity (m dfl/z), which is
calculated using the method of Entekhabi and
Eagleson (1989)

12
¢ 8PK 0P §(m2)+2) (A14)
¢ BA+3m +4m)| 0

where @ is the effective soil porosity; Ko iS the
saturated hydraulic conductivity at the surface; m is

a pore size distribution index. The values of @ and
m depend on soil texture, and can be obtained from
Stieglitz et al. (1997) and Campbell and Norman
(1998). ¢y is the soil bubbling pressure. The soil
bubbling pressure equals to the soil matrix potential
when S, equals to 1 (Brooks and Corey, 1966),
where S is the relative soil saturation at beginning
of the time step. The relation between S, and @ is
defined as:

(A15)

A.3. Soil water mass balance in the unsaturated zone

It is assumed that the horizontal redistribution of
soil water is restricted in the saturated zone. In the
unsaturated zone, only vertical movement of soil
water can take place. If the water table (z; ) is less than
the capillary rise distance or soil saturation deficit
(S;,) is zero, meaning that the whole soil profile is
filled with water, and unsaturated storage is reset to
zero in this case. Otherwise the change in water
storage in the unsaturated zone is calculated as

AWLInSa[ =(P — Py — Py — Ryt + W — Wpe

- To,unsal - Tu,unsat - Es)ét (A16)*

where W, is the rate of vertical water percolation to
the saturated zone; T, ynsae 1S the transpiration of the
overstorey from the unsaturated zone; T, ynsa 1S the
transpiration of the understorey from the unsaturated
zone; W, is the upward water flow by capilliary rise;
and 0t is the time interval of calculation. W, is
computed from

W = { min(Kunsat(Z)ats ﬂunsat - 0fc)» if aunsat > afc

pe —
0, else

(A17)

where Kynsa(z) 1s the unsaturated hydraulic conduc-
tivity. Oy is the field capacity of the unsaturated zone
and is estimated following Saxton et al. (1986) with an
assumption that the water potential equals 10 kPa at
the field capacity. Kynsa(z) is estimated from:

2b+3
Kunsat(z) = Ksat(z) (0_) (AlS)
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where K,(z) is the saturated hydraulic conductivity, ¢
is the volumetric water content, f is the saturation
water content, z is the water table depth from the
surface, b is a soil parameter which represents the
exponent of the moisture release equation:

0 —b
Ym = Ve (0—) (A19)

where ¥/, is the water matric potential, and y, is the
air entry water potential. The values of K,(z), b and
Y. depend on soil physical properties such as texture,
and they are cited in the model from Campbell and
Norman (1998). The relationship among the three soil
parameters can also be expressed by equation

Kae =M (A20)

where M is a constant.

W, is set at zero when the unsaturated zone is
above the water holding capacity and otherwise
calculated using the method based on Eagleson (1978)

. 1.5 Ym ¢
Wer = Ko@) (1 + T1> (ZS H ¢m> (A21)

where ¢ =2+ 3/b and b is the pore size index.
Potential unsaturated drainage (Wy) is calculated as
follows

K.(2)0.01, C>0.5
4= (A22)
K.,(2C, C€<05
and
)" AW > 0,01
©- { (AW) sae > 0- (A23)
1 AW, < 0.01

where ... 1S the water storage in the unsaturated
zone, AW, is the saturation deficit.

A.4. Water balance in the saturated zone

In addition to the vertical processes described
above, the horizontal redistribution of soil water takes
place in the saturated zone. The change of water
storage in the saturated zone is

Qin,i‘ - Qout,i‘
AS; = [(Wpe,,j + #

_(To,sat - Tu,sat - Wcr):l ot (A24)*

where W, ;; is percolation from unsaturated zone (the
subscripts i and j denote pixel (i,j)); QOin,; is the total
subsurface saturated inflow from upslope neighboring
pixels to pixel (i.j); Qout,;; 1S the total drainage from the
pixel to downslope neighboring pixels, T, s, and T, g,
are the transpiration of the overstorey and understorey
from the saturated zone, respectively; and A;; is the
area of the pixel. Qi,; and Qg ; can either be
calculated from 3 X3 pixels or from watershed
networks.
The change in water table is calculated from

AS;
t+Ar t i
T Gy — by (A2
where, z;rm is the water table depth at the current time

step, zi; is the water table at the previous time step, f;
is the saturated soil moisture content, and 6;; is the
current average moisture content above the water
table.

Each pixel can exchange water with its eight
adjacent neighbors (see Fig. 3). Elevation or ground
surface slope determines the direction of the water
flow. A given pixel thus will receive water from its
upslope neighbors and discharge to its downslope
neighbors. There were up to eight directions of water
output or input for a pixel. The flow direction is
determined from the gradients in height from a pixel
in question to downslope or upslope pixels. Along the
direction with the steepest gradient among the eight
neighboring pixels, the quantity of subsurface flow
was the highest. For example, the rate of saturated
subsurface flow at time ¢ from pixel (i) to its
downslope neighbors is equal to

_ { T;iBiwijks B <0
ijk —

(A26)

where T; is the hydraulic tansmissivity (m>d™ Y, Bijk
is the elevation gradient difference in the k direction;
and w;y is the effective width of flow in the k
direction. The total saturated subsurface outflow from
pixel (i,j) to its downslope neighbors (Qoy ;) and total
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saturated subsurface inflow from upslope neighbors to
pixel (i) (Qin,ij» m’ d_l) are approximated through
the summation for all neighboring pixels

8
Oouw,ij = Tjj Z 1Byl wiies By <O (A27)*
k=1
8
Oini =Ty > Biewijer B =0 (A28)
k=1

where the hydraulic transmissivity Tj; is defined as

Ty = Ka(z)lexp(—fyzy) — exp(~f;Dp)Wfy  (A29)

where K,(z) is the saturated hydraulic conductivity at
water table z;; Dj; is the total soil depth; and fj; is a
parameter related to the decay of saturated conduc-
tivity with depth (m ™~ ").

A.5. Stomatal conductance as a modified function
of soil water content

Leaf stomatal behavior plays a key role in the
transpiration control in the atmosphere—plant—soil
system. A number of factors have been recognized
to influence stomatal conductance or stomatal resist-
ance, such as atmospheric variables (solar radiation,
temperature, vapor pressure deficit, CO, concen-
tration), plant parameters (leaf water potential, leaf
area index) and soil properties (soil water content, soil
water potential). In the original model, the stomatal
conductance remains at the maximum value at soil
water contents equal to or larger than the field
capacity. In order to simulate the performance of
vegetation in low areas under periodic water logging
conditions, we modified one of the stomatal control
functions as follows

8s = max(gmaxf(Fp)f(T)f(Dv)f(esw), gmin)

where g...x 1S cover type specific maximum stomatal
conductance (g), F, is the photosynthetic photo flux
density (PPDF), T is temperature, D, is vapor pressure
deficit and f,, is soil water content. This modification
is made according to a daily canopy photosynthesis
model (Chen et al., 1999) employing a surface
conductance model (Jarvis, 1976; Stewart, 1988)

F

F
___<c“p (A31)*
1+ FCFp

(A30)*

f(Fp) =

In(T)
LG T< Ty
In(Zop) ’
TT
f(T) = o 5 T = Top) . (A32)*
Tmax - Topt ’ o
0, T<1
1, D, < Dopen
— Dclose - DV
T2 DT Doren <P Pt
O, Dv = Dclose
(A33)*
0, O (2) < 0wp
lQSW(Z) - awp
FOs) =1 00— 0" Op <5 (2) < Ore(2)
05w 72)— 0 %
10550 )<, <)
(A34)*

where F is a coefficient in the relationship between g
and F,, with a fixed value of 0.01 pmol m™2s™'; T,
is the optimal temperature, taken as 25 °C; Ty is the
maximum temperature at which plants stop photo-
synthesizing, taken as 40 °C; Dgpe, is the vapour
pressure deficit at which stomata are fully open, taken
as 0.2 kPa (Dang et al., 1997); Do is the vapour
pressure deficit at stomatal closure, taken as 3 kPa
(Dang et al.,, 1997); 6, is the permanent wilting
point; f,(z) is the soil water content at depth z; 0.(z)
is the field capacity at depth z; and 64(z) is the soil
saturated water content at depth z. Eq. (A34) is a main
adjustment to the original Wigmosta’s model to
consider the effect of the decrease in root activities
under anaerobic conditions when 6,(z) exceeds 0;.(z)
by assuming that f{6,,) decreases from unity at the
field capacity to 0.5 at saturation. Various studies
(Kozlowski, 1984; Zhang and Davies, 1986; Else
et al., 1996) provide evidence that either stomatal
conductance decreases or transpiration decreases with
increasing 6, beyond 0.

For the total PPFD (both direct and diffuse) for the
overstorey and understorey required by Eq. (A31), the
direct and diffuse solar irradiances calculated at each
layer by Eqgs. (A45)—(A55) are converted to PPDF
with a conversion factor of 2.0 (pumol m? s_l)/
(Wm_z) (Landsberg and Waring, 1997).
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Table Al

Values of short-wave radiation albedos and stomatal conductance®

Symbol Variable Conifer forest Deciduous forest Mixed forest Grass
Qo Direct radiation albedo of overstorey 0.14 0.15 0.15 0.21
Qb Direct radiation albedo of understorey 0.15 0.16 0.16 0.22
Qg Direct radiation albedo of ground 0.15 0.16 0.16 0.22
Qo d Diffuse radiation albedo of overstorey 0.14 0.15 0.15 0.21
Qud Diffuse radiation albedo of understorey  0.15 0.16 0.16 0.22
Qg d Diffuse radiation albedo of ground 0.15 0.16 0.16 0.22
8max (mm s~ 1) Maximum stomatal conductance 1.6 2.5 2.0 5.0

? The values of albedo are determined based on Sellers et al. (1997), Stieglitz et al. (1997), and Waring and Running (1998); the values of

maximum canopy conductance are from Liu et al. (2002).

The values of the variables in these equations are
found in Tables Al and A2.

A.6. Root zone, unsaturated zone and saturated zone

Generally, the unsaturated zone and saturated zone
are variable with time as the water table changes
seasonally, but the root zone remains about the same.
In other words, the rooting zone may not be limited in
the unsaturated zone and the saturated zone can
extend to the root zone in rainy periods. Therefore,
transpiration extracts water from either the unsatu-
rated or saturated zone, or both depending on the time
in the growing season. In order to simulate the mean
soil water content in the root zone, we need to make a
distinction between the unsaturated zone and root
zone.

To separate transpiration for saturated and unsatu-
rated zones, the pattern of root vertical distribution
within the soil profile is needed. It has been reported
that nearly 95% of roots are located in the top 1.0 m
of soil (Jackson et al., 1996) and the root vertical
distribution down the soil profile is triangular in form,

suggesting that root indexes (root number, volume,
density, biomass, etc.) decrease with increasing depth
from the surface. Therefore, the root vertical distri-
bution relative to soil depth can be described as
follows (Gale and Grigal, 1987)
fr)y=r=1-§9 (A35)%*
where f(r) describes the root vertical distribution
within the soil profile; r; is the cumulative root
fraction (a faction between 0 and 1) from the soil
surface to depth z; (cm); and B is the fitted
extinction coefficient. High values of § (e.g. 0.98)
indicate a larger proportion of roots at deeper soil
depths, and low @ values (e.g. 0.92) imply a larger
proportion of roots near the soil surface. Jackson
et al. (1996) showed that the average ( value for
boreal forests is 0.943, and that 83% root biomass
is in the upper 30 cm, and that mean root biomass
density is 2.9 kg m~ 2 in this forest ecosystem.

In the present model, the root distribution func-
tion f(r) is used to differentiate the total transpired
water into saturated and unsaturated components.
According to the pipe theory, we can assume that

Table A2

Threshold values for stomatal conductance calculation

Symbol Description Value Unit Reference

F. Coefficient in a relationship between g; and PPFD 0.01 pmol m~2s7! Kimball et al. (1997)
Topt Optimal temperature 25 °C Kimball et al. (1997)
Trange Maximum temperature range 40 °C Kimball et al. (1997)
Dypen Vapour pressure deficit at stomatal opening 0.2 kPa Dang et al. (1997)
Djose Vapour pressure deficit at stomatal closure 3.0 kPa Dang et al. (1997)
Owp Permanent wilting point 3.0 % This study

O Soil saturated water content 80.0 % This study
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the proportion of leaves that are influenced by roots in
a soil zone equals the fraction of roots in the same
zone. With this assumption, the two transpiration
components can be calculated as:

(1) for the unsaturated zone:

8si—unsat — max(gmaxif(Fp)f(T)f(Dv)f(aunsat)a gmin)
(A36)*

and

Ti,unsat = (1 - 5Zi)T(gsi—unsal) (A37)**

(2) for the saturated zone:

8si—sat = max(gmaxif(Fp)f(T)f(Dv)f(esal)» gmin)
(A38)*

and

Ti,sat = BZI T(gsi—sat) (A39)**

where 6, and 0, are the soil moisture contents for
the unsaturated and saturated zones, respectively; gg;.
unsat and ggi o are the stomatal conductances calcu-
lated based on 6, in the unsaturated and saturated
zones, respectively; and T(gg;.unsar) and 7T(gs;sar) are
the transpiration from the two zones, respectively,
calculated with Eq. (A4) with 1/r,; substituted by the
stomatal conductance. The subscript i is for over-
storey or understorey transpiration.

A.7. Solar radiation on sloping surfaces

At each time step (e.g. hour), day of the year, and
location (i.e. latitude and longitude), solar azimuth
(8,) and zenith (6,) angles can be calculated from

(10 _22)1/2)

*%
Z (A40)

B, = Arc tan(

where Z=cos 0, , defined according to the solar time
(Ty), declination (D) and latitude(¢):
cos O, = sin(¢/180)sin(Dy)

~+ cos(¢pm/180)cos(Dy)

cos((Ty — 12)em/(180 X 12)) (A41)**

One simple way to quantify the influence of
topography on the surface radiation budget is to

consider the geometry between the solar beam and the
normal to the slope (Campbell and Norman, 1988):

L. = cos(Byq — B,)sin fysin 6, + cos O cos 0
(A42)%**

where L. is the projection of a solar beam on the
sloping surface (scaled 0.0-1.0), and G and 0y are the
aspect and slope of a pixel, respectively.

From measured global solar radiation (S;) on a
horizontal surface, we first separate direct and diffuse
components using Eqgs. (A45)-(A47) (Appendix A.8).
The ratio of the direct solar irradiance between a sloping
pixel and a horizontal surface is determined by:

L

Ryope = m 0.>0 (A43)**

This ratio is applied to the direct radiation com-
ponent. The diffuse radiation would vary with slope to a
much smaller extent because as the slope increases, the
diffuse radiation from the sky decreases but this
decrease is more or less compensated by the reflected
radiation from surrounding terrain (Chen et al., 1993).
For simplicity, we therefore do not adjust the diffuse
component according to slope. The photosynthetic
photon flux density (F},) of on the top of overstorey on
slope is then obtained through the following conversion

Fp = Cr(RslopeSdir + Sdif) (A44)**

where C, is a conversion factor from total solar radiation
to photosynthetically active radiation, taken as
2.0 (umol m s~ 1)/(Wm_z) (Landsberg and Waring,
1997). S4: and Sy are direct and diffuse irradiance,
respectively.

A.8. Net radiation of vegetation layers
and soil surface

In forests, there is often an understorey layer
consisting of grass and shrubs in between the over-
storey (forest canopy) and the moss layer. According
to our previous work (Chen, 1996; Chen et al., 1999),
we developed the following canopy radiation module
to consider the effects of different canopy architec-
tures in different vegetation functional types on
radiation balance of both overstorey and understorey
as well as the underlying moss/litter/soil surface. The
module consists of three components: direct incoming
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solar radiation (Rgi;), diffuse solar radiation (Rg;;)
and long wave radiation (R);), i.e.

R, ; = Rgir; + Ryir; T Ry; (A45)**

The partition of incoming solar radiation into
direct and diffuse components is done using the
following empirical equations for high latitude
unpolluted air (Chen et al., 1999)

0.943 + 0.734R — 4.9R?

SSdif - +1.796R® + 2.058R*, R<0.8
e 0.13, k=038
(A46)**

where S, is the incoming global radiation in W m~ 2

The parameter R is defined as:

__ 5

Sy cos

(A47)**

where S and 6 are the solar constant (1380 W m_z)
and solar zenith angle, respectively.

Direct radiation above the canopy (Sg;) is the
remainder of incoming global radiation minus the
diffuse radiation estimated from Eq. (A46). Methods
to estimate the attenuation of diffuse and direct
radiation in the canopy are further developments from
Chen et al. (1999). The direct irradiance absorbed by
the vegetation layers and the ground, at a given
time of the day or solar zenith angle 6, is calculated
as follows

—(0.5L,Q,)/cos 0
Rdir,o = Sdir [(1 - ao,b) - (1 - au,b)e ¢ Jjcos ]

(A48)**

Ryiry = Sgip € O21oeeos 0 (1 — ay )
_(1 _ ag’b)ef(O.SLuQu)/cos 0} (A49)**
Rdir,g — Sdir e—O.S(LOQO+LuQu)/cos 6(1 _ ag,b) (ASO)**

where Rgir o, Rairy and Rgir ¢ are the direct irradiance
absorbed by overstorey, understorey and ground
surface, respectively. L, and L, are the leaf area
indices of the overstorey and understorey canopy,
respectively. Variables «;, o,;, and «agz, are the
albedos of the overstorey, understorey and ground
surface for direct radiation, respectively. Q, and Q,

are the clumping indices for the overstorey and
understorey, respectively.

For daily step calculations, Egs. (A48)—(A50) need
to be integrated for the whole range of the solar
zenith angle from noon to sunset (Liu et al., 1997). For
Eq. (A50), the daily integrated results are

Ryir 0 daity = Sdir {(1 — o) — (1 —agy)

2/ 2/
X (J p(f)cos dﬁ) / (J cos dﬁ)}
Onoon Vnoon

= Sdir [(] - ao,b) - (1 - ao,u)

Cos Hnoon - (% - Hnoon) sin 0noon
XP (0noon) p B
(7 - anoon) (I —sin 6n00n)
(A51)%x
P(Boon) = & (@3/C0 fron (A52)%*

where Sg;; is the daily total direct solar radiation from
the atmosphere in J m dayfl; 0noon 1S the solar
zenith angle at noon and is a function of latitude
and day of year; and P(0,,,) is the gap fraction at
noon. For the understorey component described in
Eq. (A49), a similar integration is done. Eq. (A50) is
also adjusted to use the daily integration results for the
overstorey and understorey.

The diffuse radiation originates from two sources:
sky irradiance and multiple scattering of the incident
radiation within the canopy. The diffuse irradiances
for the layers are computed as follows

—(0.5L, 2, )/cos {,
Ryit o = Sait [(1 — atyg) — (1 — g, g)e ™ OFolieos °}

+0.07Q,S4,(1.1 —0.1L,)e "’ (A53)**

_ —(0.5L,Q,)/cos b,
Ryitw = Sair € oTo TR [(1 — Qyq)
— (1 — ) e—(O.SLu.Qu)/cosHu}

+0.07Q, Sy, e~ OLeQeosb) 1 —0.1L,)e %!
(A54)**
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—0.5(LyQ,+L,Q,)/cos 0, 4!

Rairg = Sair © —0gq) (AS55)**

where Ryifo, Raif,y and Rgif,, are diffuse irradiances in
overstorey and understorey and on the ground surface,
respectively; o, 4, @y q and a4 are albedos for diffuse
radiation in the three layers, respectively (values see
Table Al); and 6, and 6, are representative zenith
angles for diffuse radiation transmission through the
vegetation layers, and depend slightly on leaf area
index, i.e.

cos 6, = 0.537 + 0.025L, (A56)%*

cos f, = 0.537 + 0.025L, (A57)%*

The representative angle for diffuse radiation
transmission is derived through numerical simulations
with the assumption of isotropic sky radiance (Chen
et al., 1999).

With the assumption that the daily-mean tempera-
tures of the overstorey and understorey are the same
as the air temperature, the balance of longwave
radiation is described as follows

Ry, = & |:€aUT: + e,0TH(1 — e~ OSLululieos
+e, aTg o (0SL,Qeos b, _ o & aTﬂ

(1 — e~(O5Lu@u)eos 91) (A58)**

R, = & [ £, 0721 o~ (05LoQq)eos 4,
te 074(1 _ o (05L,Q))cos 0‘0)
(0] a
+8gO'Tg — 2euaT: (1 — e~ OSLuBueos Oy
(A59)**
Ry, = ¢ [ £, 0721 o (05LoQy)eos 4,
4 G'T4(1 _ ef(O.SLO.QO)/cos d, ):| ef(O.SLuQu)/cos 0,
o a

+ euan(l _ e—(O.SLuQu)/cos 9u) _ egaTg
(A60)**

where &,, &, & and ¢, are emissivities of the
atmosphere, overstorey, understorey and ground

surface, respectively. Pre-described values of 0.98,
0.98 and 0.95 are assigned to &, &, and &; (Chen and
Zhang, 1989; Chen et al., 1989), respectively, but ¢, is
computed as ¢, = 1.24(6,4/Ta)1/7 (Brutseart, 1982),
where e, and T, are water vapor pressure and
temperature of the atmosphere.

On sloping surfaces, the solar zenith angle in the
above equations should be replaced by the angle of the
solar beam to the normal to the surface, i.e. replacing
s with

6 = cos (L, (A61)**

where L, is defined in Eq. (A42).

The direct and diffuse solar irradiances calculated
by Eqgs. (A48)—(AS5) are used to obtain PPFD for the
overstorey and understorey based on Eq. (A45). PPFD
for each vegetation layer is needed for canopy
conductance estimation using Eq. (A31).
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